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[1] Active ridge propagation frequently occurs along spreading ridges and profoundly affects ridge crest
segmentation over time. The mechanisms controlling ridge propagation, however, are poorly understood.
At the slow spreading Mid‐Atlantic Ridge at 21.5°N a seismic refraction and wide‐angle reflection profile
surveyed the crustal structure along a segment controlled by rapid ridge propagation. Tomographic travel-
time inversion of seismic data suggests that the crustal structure along the ridge axis is controlled by melt
supply; thus, crust is thickest, 8 km, at the domed segment center and decreases in thickness toward both
segment ends. However, thicker crust is formed in the direction of ridge propagation, suggesting that melt
is preferentially transferred toward the propagating ridge tip. Further, while seismic layer 2 remains con-
stant along axis, seismic layer 3 shows profound changes in thickness, governing variations in total crustal
thickness. This feature supports mantle upwelling at the segment center. Thus, fluid basaltic melt is redis-
tributed easily laterally, while more viscose gabbroic melt tends to crystallize and accrete nearer to the
locus of melt supply. The onset of propagation seems to have coincided with the formation of thicker crust,
suggesting that propagation initiation might be due to changes in the melt supply. After a rapid initiation a
continuous process of propagation was established. The propagation rate seems to be controlled by the
amount of magma that reaches the segment ends. The strength of upwelling may govern the evolution
of ridge segments and hence ultimately controls the propagation length.
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1. Introduction
[2] Mid‐ocean ridges exhibit different types and
scales of segmentation [MacDonald et al., 1988] that
can be classified according to their shape, size and
longevity. Crustal accretion at the Mid‐Atlantic
Ridge (MAR) appears to be complex, is not uniform
along axis, and is viewed as a focused and three‐
dimensional process [Lin et al., 1990; Lin and Phipps
Morgan, 1992; Tolstoy et al., 1993; Magde and
Sparks, 1997]. The typical segment length at the slow
spreading northern MAR is generally less than 100 km
[Sempéré et al., 1993; Smith et al., 2003]. However, the
segment length may vary through time [Gente et al.,
1995; Gac et al., 2006] and some segments
lengthen at the expense of their neighbors, leaving
oblique structures created by this ridge propagation.
[3] Themechanisms driving rift propagation are still
poorly understood. Several nonexclusive and vari-
able quantified potential mechanisms have been
proposed to describe active propagating ridges (PR),
including propagation down an along‐ridge axis topo-
graphic gradient [Phipps Morgan and Parmentier,
1985; Phipps Morgan and Sandwell, 1994], changes
in direction of seafloor spreading [Wilson et al., 1984;
Hey et al., 1980, 1988; Briais et al., 2002], a crack
propagation force [MacDonald et al., 1991], hot spots
[Schouten et al., 1987; Brozena and White, 1990],
and tectonic extension due to changes in the mag-
matic period [Kleinrock and Tucholke, 1997].
[4] Active propagating ridges have been detected at
all types of ridges, from slow to fast spreading rates
and at large and small scales. They have been
investigated, for instance, at the Galapagos spread-
ing center [e.g., Hey et al., 1980], the Juan de Fuca
Ridge [e.g.,Hey, 1977] (both intermediate spreading
rates), the East Pacific Rise [e.g., Hey et al., 1986;
Cormier and MacDonald, 1994] (fast spreading
center), the Pacific‐Antarctic Ridge [Briais et al.,
2002], and the Mid‐Atlantic Ridge [e.g., Carbotte
et al., 1991; Sempéré et al., 1995; Kleinrock and
Tucholke, 1997] (as an example of slow spreading
ridges). Propagation rates appear to depend on the
spreading rate of the ridge segments; thus, the higher
the spreading rate at the ridge, the higher the prop-
agation rate [Phipps Morgan and Sandwell, 1994].
[5] At 21°30′N a propagating ridge segment, the
TAMMAR segment (Figure 1), occurs at the slow
spreading Mid‐Atlantic Ridge (MAR) [Gente et al.,
1995]. The off‐axis trace left by the propagator in
the last 5 million years can be easily traced even in
satellite altimetry‐derived gravity data [Sandwell
and Smith, 1997]. The evolution of the propagat-
ing ridge segment is expected to be connected to
temporal variations in crustal production, as derived
fromgravity field data [Maia andGente, 1998]. Earlier
seismic refraction studies from other “hourglass”
shaped segments along the MAR were published at
5°S [Planert et al., 2009], at 33°S [Tolstoy et al., 1993],
and at the OH‐1 segment at 35°N [Hooft et al., 2000;
Canales et al., 2000]. In comparison all four seg-
ments have lots of similarities; however, in our
study area a transform fault (TF) stable for several
million years did not stop segment propagation. The
TAMMAR segment propagates through the south-
ern transform offset instead of through the zero‐
offset discontinuity to the north. In this study, we
present seismic data from the TAMMAR segment
that were acquired from R/V Meteor (M60/2) in
December 2003 and January 2004. We report con-
straints on the melt supply and melt distribution
during ridge propagation using seismic refraction
and wide‐angle reflection data (Figure 1a).
2. Tectonic Settings
[6] The TAMMAR segment at 21.5°N on the MAR
is thought to be one of the most magmatic segments
of the MAR [Gente et al., 1995; Thibaud et al.,
1998] and has propagated southward (Figure 1b).
The segment has a length of about 90 km and shows
smooth variations in axial valley morphology from
the segment center toward the segment ends. For
a slow spreading ridge, like the MAR, the PR dis-
plays a remarkably fast rate, propagating at a rate
roughly 0.6 times the spreading rate. This PR began
its southward propagation approx. 4.5 million years
ago [Gente et al., 1995], propagating through a
transform offset to the south, producing a V‐shaped
wake in the lithosphere (Figure 1a). At the OH‐1
segment propagation started roughly 5 million years
ago and propagated away from the large‐offset
Oceanographer fracture zone [Rabain et al., 2001].
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The process of rift propagation generally involves the
lengthening of the spreading segment at the expense
of the adjacent segments [Gente et al., 1995].
[7] A detailed model of ridge propagation was
given by Hey et al. [1980] and McKenzie [1986]
assuming that the PR extends at a constant rate.
Figure 1b describes the propagation tectonics for
the studied area geometrically. The northern seg-
ment end is a zero‐offset discontinuity at 22°05′N.
The southern segment boundary corresponds to a
40 km long offset at 21°20′N, the migrated offset
(MO). A second ridge‐normal feature at 21°40′N is
a fossil transform fault (TF). The continuous struc-
tures of the ancient fault zone illustrate the stability
of this spreading segment over the time before
propagation started [Gente et al., 1995]. However, at
the early stages of the propagation, this setting
became instable and the structures disappear near
the ridge axis. A continuous V‐shaped trace con-
nects the ancient now inactive transform with the
present offset feature. During propagation the pres-
ent‐day axial discontinuity has shortened in offset
from about 50 km to its present‐day 40 km. It may
no longer be a TF, but instead is a “sheared zone.”
The propagating ridge (PR) takes over the role of
spreading from its southern neighbor known as
doomed ridge (DR). It leaves behind a characteristic
footprint in the shape of a V.While the eastern trace,
outer pseudofault (PFo), is an elongate narrow depres-
sion, the western trace, the failed ridge (FR) and the
inner pseudofault (PFi), is a tectonically wide dis-
turbed area which characterizes the patch of trans-
ferred lithosphere (TZ) during the propagation
(Figure 1b). The doomed ridge appears as an asym-
metric oblique structure, the ridge axis steps eastward
from north to south.
[8] The linear wake was created by a constant propa-
gation rate of approx. 16 mm/y after a rapid initiation
of propagation [Phipps Morgan and Sandwell, 1994],
while the spreading rate has remained constant
[DeMets et al., 1990]. Knowing the half‐spreading
rate v from magnetic anomalies, the propagation rate
p can be estimated by measuring the acute angle
 between the propagating ridge and a pseudofault
[Kleinrock andTucholke, 1997]:p= v/tan  (Figure 1b).
The PR has slightly asymmetric accretion with an
average half spreading rate of 14mm/y on thewestern
flank compared to 12 mm/y on the eastern flank
[Maia and Gente, 1998].
[9] PR driving forces were strong enough to “cut”
the transform at 21°40′N and force its migration to
the south. The bathymetric V‐shaped structure
corresponds to a large mantle Bouguer anomaly of
−40 mGal and thus, is one of the largest anomalies
along the MAR [Maia and Gente, 1998]. PRs
along the MAR for example at 33°S [Tolstoy et al.,
1993] or 35°N [Hooft et al., 2000] showed similar
large mantle Bouguer anomalies, however, propa-
gation stopped at transform faults.
[10] A general feature of propagating ridge segments
along the northern MAR is the southward trend of
all propagating segments between 26°30′N and the
Azores hot spot. However, south of 26°30′N they have
randomly propagated both north and south, splitting
the ridge flanks into rhomb‐shaped areas [Gente et al.,
1995]. Mantle rocks have been found at the northern
terminus of the propagating segment. This may be
linked to amagmatic extension in a magmatically
starved setting [Dannowski et al., 2010].
[11] The TAMMAR segment shows an hourglass
shaped axial valley morphology that change from
the segment center toward the segment ends. At
21°47′N the shallowest on‐axis area of the segment
is 2 km wide and ∼3 km deep with walls ∼600 m
high. During a submersible study [Gente et al.,
1996], two types of volcanism were identified on
the inner floor: Isolated volcanoes and piled lava
flows, flat lava lakes. They found that the isolated
volcanoes are 500 m to 1000 m in diameter and
consist mainly of pillow lavas and lava tubes on the
steeper slopes. Most of the inner valley is covered by
flat areas, lava lakes up to 7 m deep, which indicate
high volcanic effusion rates [Gente et al., 1996].
Seafloor volcanism is focused at the center and sparse
at the tip of the segment. At the southern end of the
segment the inner floor of the axial valley is 4–5 km
wide and 3.5 km deep on average. Volcanism is
represented only by isolated pillow lava volcanoes.
The freshest basalts are in the deepest part of the inner
floor as in other parts of the segment. The northern
segment end is characterized by a 15 km wide and
4 km deep basin, indicating lower magmatism.
3. Seismicity of the Segment
[12] A hydroacoustic experiment along the MAR
was performed by NOAA’s Pacific Marine Envi-
Figure 1. (a) Map of the study area. The heavy line represents the shot profile. White circles with numbers indicate
the distribution of instruments in this study along profile P02. Red circles with white background represent the hydro-
acoustically detected events reported by the PMEL [Smith et al., 2003]. (b) The tectonic interpretation of the seafloor
in the study area, explained in the text.
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ronmental Laboratory (PMEL) from 1999 to 2001
[Smith et al., 2003]. For a period of ∼2 years, six
hydrophones were placed on the flanks of the MAR
between 15°N and 35°N. Our study area lies
between the four southern hydrophones. Hydro-
acoustically detected events have a lower detection
threshold than global seismic networks and report
earthquakes with magnitudes of M > 3. The seismic
activity reported by PMEL decreases toward the
center of the TAMMAR segment (Figure 1a) sug-
gesting thin lithosphere at the segment center and
thick lithosphere at the segment ends. The northern
deeper part of the ridge axis and the southern
segment end show a higher seismicity. Although
there is no identifiable offset in the ridge axis, the
northern segment boundary is located where seis-
micity abruptly starts.
[13] The hydroacoustic data showed the gap in
seismicity even for small magnitudes [Smith et al.,
2003]. The seismicity pattern from the hydro-
acoustic experiment in this region is consistent with
the small number of teleseismic events compared to
other segments. Most of the teleseismic events at
the MAR are tectonic in origin [Bergman and
Solomon, 1990] and the volcanic earthquakes on
the MAR probably fall below the magnitude
threshold for teleseismic detection using global
seismic networks. The seismic activity can be used
to assess the thermal state of the segment. It
indicates that the TAMMAR segment is in a phase
of magmatic dominated crustal accretion.
[14] Observations of the southern ridge tip and the
migrated offset of the TAMMAR segment are
consistent with the hydroacoustic experiment. A
seismologic network covered this region with a
6 month deployment of ocean bottom seismometers
[Kahle, 2007]. While the transform zone and the
doomed ridge exhibit strong seismicity, only few
events were observed on the propagating ridge and
were related to magmatic spreading.
4. Seismic Data Acquisition, Processing,
and Analysis
[15] The surveyed area is located between 21 and
22.5°N and 44–46°W (Figure 1). As part of the
COSTMAR project an active seismic refraction
and wide‐angle experiment was carried out
including 15 ocean bottom hydrophone (OBH)
deployments in a profile along the ridge axis.
The 190 km long profile P02 follows the median
valley (N‐S direction). The topography in this
area is rugged even along the ridge axis. The
quality of the data is good to excellent (Figure 2);
providing clear crustal refraction branches (Pg),
crust‐mantle boundary (Moho) reflections (PmP),
and a few mantle refraction phases (Pn). Converted
shear wave arrivals (Sg) are visible at stations in
the central portion of the segment. A remarkable
number of instruments concentrated at the seg-
ment center, did not work properly. This was “cor-
rected” during the expedition by reshooting the
central part of the profile in profile P06. For the
modeling both profiles have been merged. Picks
from OBH42, OBH44, OBH57, and OBH60 could
be added to the original profile P02, filling the
gap (Figure 1a).
4.1. Data Input and Processing
[16] As source we used two 32‐L BOLT Inc. air
guns towed in a depth of 5 m, firing 2228 shots
(P02: 1550; P06: 678) successfully at a shot
interval of 60 s over the two profiles. With an
average ship velocity of 4 knots, this yields a trace
spacing of approximately 120 m.
[17] Based on GPS and ship’s navigation system
shot locations were corrected for the offset between
the GPS antenna and the air gun array. Receiver
positions on the seafloor were relocated using
direct water wave traveltimes. All data loggers
were synchronized with a GPS time signal to cor-
rect for a possible linear clock drift. The data were
continuously recorded with a sampling rate of 200
or 250 Hz on all OBH stations. After recovery the
data were played back and split into single shot
records as a receiver gather in SEG‐Y format. To
enhance the signal‐to‐noise ratio we applied sta-
tistical deconvolution in time windows, amplitude
balance, and an Ormsby frequency filter. The time‐
and offset‐variant band‐pass filter moves toward
lower frequencies as time and offset increase. Data
examples are given in Figure 2.
Figure 2. Hydrophone records of reduced velocity to 8 km/s for selected instruments of P02. The top plot for each
section shows processed data, and the bottom plot for each section shows calculated picks after the traveltime tomog-
raphy (red dots for P wave and blue dots for S wave tomographic results): (a) OBH02, (b) OBH57, (c) OBH09,
(d) OBH11, and (e) OBH14. Phases are labeled as follows: Pg, refracted crustal arrival; PmP, reflected mantle arrival;
Sg, refracted crustal P‐to‐S converted phase arrival. (f) Images of the raypaths for P wave traveltimes of three stations
through the preferred model.
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4.2. Traveltime Picking
[18] Most of the stations show a high signal‐to‐
noise ratio that allowed clear identification of
P wave arrivals. Three distinct crustal arrivals
were identified: a high‐amplitude refracted phase
from layer 2 that occurs to ranges of ∼15 km (Pg);
a lower‐amplitude refracted phase from layer 3
that continues to ranges of up to 35 km (Pg); and a
high‐amplitude wide‐angle reflection from the
crust‐mantle boundary (Moho) observed on some
stations as a distinct second arrival at 20–40 km range
(PmP). We could observe a few refracted mantle
phases (Pn) even at large offsets of up to 70 km, partly
limited by the profile length. Primary phases at the
onset of the first positive amplitude peak from the
crust and the mantle and secondary arrivals had
been picked manually. Data from five stations are
presented in the seismic sections (Figure 2), including
OBH02, OBH57, OBH09, OBH11, and OBH14.
The pick uncertainty has been estimated ranging from
10 to 70 ms. Larger uncertainties were assigned to
noisier data, usually for crustal arrivals with smaller
amplitudes recorded at larger source‐receiver offsets.
[19] It is interesting to note that the data are strongly
affected by the steep bathymetry which obscures
PmP arrivals; thus, the PmP phase does not appear
on all stations as a clear arrival with strong ampli-
tudes. This feature is perhaps also caused by varia-
tion in the velocity contrast at the crust‐mantle
boundary. Short sections of PmP arrivals were
identified and picked where possible. They could be
consistently identified using the forward and back
shots and the multiples at adjacent stations. The
critical distance shows a strong variation along the
profile. The offset where the critical distance can be
recognized ranges from 10 km in the north to 35 km
in the segment center. Thus, northern stations show
high velocities interpreted as mantle phases at small
offsets (∼10 km), while at the segment center mantle
phases occur at much larger offsets.
4.3. Traveltime Inversion
and Modeling Strategy
[20] The P wave velocity model was determined
using the traveltime inversion technique ofKorenaga
et al. [2000], which jointly inverts refracted and wide‐
angle reflected traveltimes for a two‐dimensional
velocity structure. The geometry of the Moho is
constrained as a floating reflector. To achieve an
accurate forward solution the hybrid ray‐tracing
scheme is based on the graph method [Moser, 1991]
and additional local ray‐bending refinement [Moser
et al., 1992] was employed; smoothing and damp-
ing constraints were used to regularize the iterative
inversion. The velocity model was parameterized as
a sheared mesh with parallelogram shaped cells
hanging beneath the seafloor. The velocity field is
continuous everywhere and is interpolated within
each cell. The seafloorwas parameterized at a spacing
of 1 km while the regular grid has grid cells with a
uniform horizontal spacing of 200 m and a vertical
increasing spacing from 50 to 170 m. The velocity
and depth smoothing and damping parameters were
kept the same for all three profiles with 40 and 20 for
velocity and depth, respectively. A weighting factor
of w = 1 was used for weighting the depth and the
velocity nodes equally. A larger weighting factor
should lead to larger depth perturbations [Korenaga
et al., 2000].
[21] The modeling approach consisted of several
steps. First 1‐D modeling of single stations from
the ends and the center of the profile was per-
formed to derive initial two‐dimensional velocity
models. Then downward stripping of the layers was
carried out by first inverting for the upper crustal
arrivals and then inverting for all deeper crustal
arrivals. Once found, the upper part of the model
was fixed and the first arrival picks of larger offsets
were added. In the next step the Moho depth was
determined from the PmP arrivals. During each
stage a broad model space was tested to verify the
model uncertainties. The influence of starting
model variations, pick errors, and the reliability of
the model was analyzed using synthetic tests and
statistical calculations.
5. Results
5.1. P Wave Arrival Tomography
[22] The tomographically determined velocity
model of profile 2 (Figure 3) shows up to 4 km of
variation in crustal thickness along the ridge axis.
In agreement with PmP arrivals, the crustal thick-
ness decreases from 8 km in the segment center to
4 km in the northern segment end. The southern
ridge tip has a 5.5 km thick crust which is 1.5 km
thicker compared to the northern segment end. The
main compensation of the topography is done in
layer 3 while layer 2 almost follows the ocean floor
topography. Generally, the upper crust has a high
velocity gradient (about 1.6 s−1) with velocities
increasing from 2.7 km/s at the seafloor to 6.4 km/s
at the upper to lower crustal boundary. The average
thickness of the upper crust is about 1.8 km. The
near‐seafloor velocities decrease from the segment
center toward the segment ends (3.2–2.7 km/s). The
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southern ridge tip shows slightly slower upper crustal
velocities. The velocity gradient changes suddenly to
less than 1 s−1 near the layer2/3 boundary. Layer 3
varies from about 2 km to 6 km with velocities
increasing from 6.5 km/s to 7.1 km/s in depth. Even
higher velocities (larger than 7.2 km/s and up to
7.4 km/s) were observed at the bottom of the segment
center.
[23] The detected different offsets of the PmP
arrivals (Figure 2) are the result of variations in
crustal thickness. This supports results by Maia
and Gente [1998], who found with gravity data
that the segment centers are associated with crustal
thickening while depressions are marked by bands
of thin crust. Figure 3a shows the reflector (red
line) at a depth of 10.5 km to 8 km below sea
surface which has been interpreted as the depth of
the Moho. Tests of different starting models (high
and low constant gradients as well as variations in
the depth of the Moho) and changes in the
smoothing and damping factors of the inversion
program showed that the final model is robust.
Starting models with a deeper instead of a shallow
Moho provided faster convergence and better fits.
In parts covered by stations a standard deviation of
0.1 km/s was reached. In deeper parts and toward
the end of the profile the standard deviation
becomes larger, about 0.2 km/s in deeper portions
of model and up to 0.4 km/s at distances larger than
25 km away from the last station. This means that
the velocity model beneath the stations is robust
and nearly independent on the starting model,
however, at other parts strongly depend on the
starting model.
Figure 3. Profile 2: (a) Preferred final P wave velocity model after five iterations. The interval of the contour lines is
0.5 km/s. (b) Resolution of the model and the ray coverage of the tomographic inversion. The interval of contour lines
for velocities larger than 7 km/s is 0.2 km/s.
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[24] A total of 3883 P wave arrival times could be
picked, including 3379 crustal arrivals and 504
mantle reflections. The model evolved after
8 iterations to X2 = 1.45 and a misfit of 72 ms. The
ray coverage, expressed by the derivative weight
sum (DWS), is good in the central part and poor
toward the model boundaries. The results show
good correlation between model resolution as
inferred from the DWS (Figure 3b) and the
checkerboard test (Figure 4). The resolution is good
at shallow depths and decreases with increasing
depth. The horizontal resolution at shallow depth is
estimated as 2.5–5 km based on the recovery of the
anomaly pattern in the checkerboard tests. The
checkerboard test presented in Figure 4 shows an
estimated horizontal resolution of about 10 km for
the deeper model portions. Figure 2 shows the cal-
culated traveltime picks for five stations.
5.2. Converted Shear Wave Tomography
[25] Along P02 prominent shear wave energy was
observed (Figure 2) on OBHs deployed at the seg-
ment center. Recorded SV waves were generated by
P‐to‐S conversion since a shallow acoustic source
was used. In general, shear wave conversion in marine
environments occurs at the sediment‐basement inter-
face. However, conversion may occur at the seafloor
if the S wave velocity of the basement is larger than
approximately 1.6 km/s.
[26] Strongest energy was found at offsets of 10 to
25 km at stations OBH03 to OBH11, where P wave
velocities are slightly higher than at the segment
ends. This may suggest an area of higher density and
less fracturing, that enhances conversion. In addi-
tion, faster P wave velocity favors faster S wave
velocity, again supporting conversion. Therefore,
the shear wave velocity of layer 2 is larger than the
compressional wave velocity of the water (needed
for conversion at the seafloor). The center of the
segment shows a P wave velocity of vP = 3.2 km/s.
Assuming vP/vS is 1.8 this results in vS = 1.77 km/s.
[27] Strong S wave arrivals could be identified on
source gathers recorded at stations located from
70 km to about 140 km distance along the profile,
Figure 4. Resolution test (checkerboard test) for the P wave tomographic modeling: (top) The initial perturbations for
plus and minus 0.5 km/s. (bottom) The reproduced perturbations. Blue is a negative anomaly, and red is a positive one.
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corresponding approximately to the segment center.
A total of 1133 S wave arrivals could be picked.
After 5 iterations the model (Figure 5a) converged
to a value of X2 less than 1 with a residual traveltime
misfit of 80 ms. The crustal vP/vS ratio is about
1.8 (Poisson’s ratio of 0.28) without large variation
in the central part (Figure 5b). The resolution of
the vP/vS ratio is primarily determined by the reso-
lution of the less well resolved S wave velocity
model, as fewer and more irregularly distributed
S wave traveltime data with a larger uncertainty than
P wave traveltime data are available (Figure 5c).
6. Discussion
6.1. Axial Segmentation
[28] Large crustal thickness variations occur along
the axis of the 90 km long TAMMAR segment.
These vary from a minimum crustal thickness of
Figure 5. (a) Preferred final S wave velocity model after five iterations. The interval of the contour lines is 0.5 km/s.
(b) Vp/Vs ratio of profile 2 computed by velocity grid‐by‐grid division of the final P and S velocity models for the
first‐arrival picks. (c) Resolution of the model and the ray coverage of the tomographic inversion.
Figure 6. (a) Seismic small‐scale events along the MAR. Dashed line represents the ridge axis. (b) Filtered mantle
Bouguer anomaly (dotted line), topography (solid line), and crustal thickness (dashed line) of P02.
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about 4 km at the northern segment end to a maxi-
mum of about 8 km at the segment center. Toward
the southern segment tip the crustal thickness
decreases to about 5.5 km. Along‐axis crustal
thickness variations of the same order of magnitude
were also inferred from the gravity‐derived crustal
thickness of data by Maia and Gente [1998], which
yielded 8.5 to 9 km for the center of the segment
(Figure 6). The 90 km long OH‐1 segment at 35°N
[Hooft et al., 2000; Canales et al., 2000] is of the
same scale as the TAMMAR segment and has a
crustal thickness of approx. 8 km at the segment
center. In addition crustal thickness variation and
asymmetry at the segment ends is very similar for
both segments. Further, results of seismic studies at
the MAR at 5°S [Planert et al., 2009] and at 33°S
[Tolstoy et al., 1993] report on segments with a
crustal thickness of about 8 to 8.5 km at the segment
center and a crustal thickness variation of the same
magnitude as for TAMMAR and OH‐1. All those
segments show similar crustal thickness in the seg-
ment center and crustal thickness variation inde-
pendent on the order of the ridge axis discontinuity
at their segment ends.
[29] The upper crust, seismic layer 2 at the TAMMAR
segment, has a steep velocity gradient of 1.6 s−1 and a
fairly uniform thickness of approx. 2 km. Underneath,
layer 3 is marked by a small velocity gradient (less
than 1 s−1). The seismic velocities and gradient of
layers 2 and 3 are more or less typical for young
oceanic crust [White et al., 1992]. The compressional
wave velocity increase of layer 2 reflects the porosity
of this basaltic layer rather than the melt supply
[Whitmarsh, 1978;Minshull et al., 2006]. The decrease
of porosity with depth is caused by decreased pore
spacewith depth through crack closurewith increasing
confining pressure.
[30] Layer 3 accommodates most of the observed
crustal thickness variation. PmP arrivals are not very
strong along the whole profile, however, at the ends
of the segment the critical distance is very short and
high velocities of about 8 km/s occur at small offsets
(see for example OBH02 in Figure 2). Thus the
mantle is very shallow beneath the seafloor. If
this variation is interpreted as variations in melt
supply, it supports strongly focused magmatic accre-
tion beneath the segment center as proposed by Lin
et al. [1990] by means of gravimetric data and
observed for the OH‐1 [Hooft et al., 2000; Canales
et al., 2000] segment and for the segments at 5°S
[Planert et al., 2009] and at 33°S [Tolstoy et al., 1993]
using seismic data.
[31] The axial valley at the southern ridge tip is
narrower compared to the northern end (Figure 1b)
and the crustal thickness is larger in the south
(5.5 km) compared to the northern end (4 km).
Thus, the melt supply seems to be slightly higher in
the south. The asymmetry between the southern
ridge tip and the northern segment end in crustal
thickness emphasizes that magma might be prefer-
entially redistributed from a central injection point
to the southern segment end (Figure 7), a feature
perhaps related to ridge propagation. However,
the thick crust in the segment center suggests that
most of the melt is used locally for crustal forma-
tion. More fluid basalts might flow along axis to be
Figure 7. Sketch showing a geological interpretation of our traveltime modeling. The main features are discussed in
the text.
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redistributed more evenly, while high‐viscosity
gabbroic crust tends to crystallize at the locus of
rising melts.
[32] The combination of data from active and passive
seismic experiments with additional gravity data
gives an even better constrained model of the crustal
structure. Seismic events from PMEL/NOAA’s
experiment [Smith et al., 2003], the mantle Bouguer
anomaly (MBA) [Maia and Gente, 1998], topogra-
phy, and crustal thickness, derived from our seismic
traveltime modeling, are compared in Figure 6; they
display strong spatial correlations. The gap in seismic
activity helps to determine the northern TAMMAR
segment boundary, which is a zero‐offset discontinu-
ity. The aseismic zone may indicate thin lithosphere
and comparatively hot crust under the topographic
high in contrast to thicker lithosphere beneath the
northern basin with reduced volcanism, comparable
to the OH‐1 segment [Hooft et al., 2000]. The mantle
Bouguer anomaly (MBA) shows a negative anomaly,
indicating crustal thickening, consistent with our
seismic observations that better resolve the changes in
internal crustal structure.
6.2. Crustal Construction
[33] Higher upper crustal P wave velocities were
observed in the central part of the TAMMAR seg-
ment compared to its tips. A plausible explanation
for this is that the basalt in the segment center is more
homogeneous and consolidated than at its ends. Piled
lava flows are predominant in the center of the seg-
ment while pillows exist at the end (J. Dyment,
personal communication, 2009). The tectonic dis-
ruption of the basaltic layer may also be more pro-
nounced at the ends than at the center, as also
expressed in the hourglass‐shaped median valley.
[34] Figure 7 shows our preferred model of the
internal structure of the TAMMAR segment and
flow patterns in the uppermost mantle and crust.
Not resolved in our velocity modeling but inferred
from seafloor observations [Gente et al., 1995,
1996] and magnetization [Honsho et al., 2009] is
that a thin layer of pillows covers the intrusive
zone. In the segment center the seafloor is covered
by old and young lava lakes. The thickness of
the magmatic section (including seismic layers 2
and 3) of the lithosphere in the segment center may
be underestimated. However, layer 3, interpreted as
gabbroic rocks, thins toward the segment ends
(compare to the velocity model in Figure 3a).
[35] The central part of the segment shows higher
velocities at the bottom of seismic layer 3. The
P wave velocity increases up to 7.4 km/s, too fast
for gabbros but too slow for mantle rocks. These
observed velocities in the Moho transition zone are
comparable to partially serpentinized peridotites
[Christensen, 1966]. However, it is uncertain that
seawater would penetrate in a midsegment setting
to that great depth to induce subaxial serpentini-
zation. The low seismicity [Smith et al., 2003]
suggests a rather ductile lower crust and implies
low tectonism and thus no deep fractures cutting
into the lower crust or down to the mantle. The
seismic Moho represents a rapid increase from
crustal velocities to upper mantle velocities in
excess of 8 km/s [Purdy and Ewing, 1986]. Con-
necting the seismic Moho to a change in lithology,
as often done for ophiolites (Oman ophiolite
[Kelemen et al., 1997] and Bay of Islands ophiolite
[Karson et al., 1984]), we interpreted the seismic
Moho as the boundary between interlayered gab-
broic and ultramafic rocks and ultramafic cumulates.
The petrologic Moho is the boundary between the
magmatic section (e.g., base of ultramafic cumu-
lates) and the residual depleted mantle [Karson and
Elthon, 1987]. This zone of higher seismic veloc-
ities could be interpreted as an alternating sequence
of gabbros and cumulates, or as peridotites. Similar
observations were found in the OH‐1 segment at
35°N [Canales et al., 2000]. The seismic Moho
derived by the traveltime modeling would then
represent the base of this transition zone.
[36] Early works of Orcutt et al. [1976] and
Rosendahl et al. [1976] provided the first observa-
tions of a seismic low‐velocity zone beneath the East
Pacific Rise, which led to an increased search for
comparable features beneath the MAR. Along the
MAR, seismic evidence for a shallow axial magma
chamber (AMC) has been found in the Lucky Strike
segment [Singh et al., 1998, 2006] and in the
southernmost part of the Reykjanes Ridge [Navin
et al., 1998]. Anomalously low seismic velocities
are also found beneath the Snake Pit neovolcanic
zone in the MARK area [Calvert, 1995; Canales
et al., 2000] with clear indications of crustal melt.
Sinha et al. [1998] found that shallow, melt‐rich
AMCs at theMAR are short lived.Magma chambers
at the MAR are likely to be transient, and successful
seismic imaging of them at a slow spreading ridge
has been difficult.
[37] Our seismic data do provide neither evidence
for seismic low‐velocity zones nor delayed arrivals
in the seismic sections that can be associated with a
crustal magma chamber comparable to the studies of
Sinha et al. [1998], Canales et al. [2000], or Menke
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et al. [2002]. Indeed, the observation of converted
shear waves is incompatible with the presence of a
substantial fluid magma body, since only P waves
propagate through fluids. The existence of fluids
significantly affects the P wave velocity in the rocks
while S wave velocities are hardly affected; thus,
changes in the vp/vs ratio would be expected. The
shear wave traveltime tomography resolved the
central part of the TAMMAR segment to a depth of
4 km (Figure 6). No major changes in the vp/vs ratio
were seen in our modeling. Both, P wave velocity
and S wave velocity increase gradually with depth
with a ratio of about 1.8. However, the tomography
method tends to underpredict low‐velocity zones (as
can be seen in the checkerboard test in Figure 4).
Given that the resolution of the imaging is no better
than 2 km, partial melt in small isolated pockets
could certainly exist, and be fed by hotter and deeper
melts from a magmatic system at greater depth
underlying the crustal portion of the segment. The
absence of strong mantle phases (Pn) in the seismic
data beneath the segment center might be a hint for a
hot lithosphere. The fossil lava lakes in the segment
center, a rare feature on slow spreading ridges, are
witnesses to recent periods with high volcanic
effusion rates. A structural model from submersible
magnetic data [Honsho et al., 2009] shows the last
magmatic highly active period was about 0.45 Ma
ago lasting over 150,000 years. Thus, a subaxial
lens of partial melt may have existed at certain times
but be absent now.
6.3. Ridge Propagation
[38] The results of the P wave traveltime tomogra-
phy show significant differences in the crustal
structure within the segment and a north to south
asymmetry. At the southern end of the segment
seismic velocities become anomalously low com-
pared to average MAR values. Velocities as low as
6 km/s have been found at 3 km below the seafloor.
The velocity gradient reaches almost 1 s−1 below
layer 2, which is rather high compared to average
Atlantic crust. This is interpreted to be an effect of
increased porosity due to fracturing caused by more
intense tectonism near the segment ends. The frac-
turing causes crack propagation and subsequent
filling by extrusive lavas, thus, lowering seismic
P wave velocities. This process appears comparable
to other segments along theMAR [Hooft et al., 2000]
and may locally be enhanced by the southward
propagation of the segment and changes in the
regional stress field. Changes in the stress field might
be related to tectonic rotations of the crust between
the propagating and the dying ridge associated with
the migrated offset [Pockalny et al., 1995].
[39] The earthquake distribution [Smith et al., 2003;
Kahle, 2007] supports our observations of a recently
magmatically active TAMMAR segment. However,
the lack of seismicity is not a reasonable pheno-
menon for ridge propagation. Rather it indicates
the thermal state of the crust, and thus indirectly
indicates magmatic activity of a ridge segment
during temporal variations in a magmatic‐tectonic
crustal accretion cycle. The appearance of enhanced
mantle upwelling seems to have coincided with the
onset of propagation 4.5 million years ago as indi-
cated by the observed Mantle Bouguer Anomaly
[Maia and Gente, 1998]. Kahle [2007] suggested
that spreading at the doomed ridge is taken up by
mechanical rifting with minimal associated volca-
nism; thus, the magmatic active segment [Gente
et al., 1995] is propagating into the older litho-
sphere of a magmatically starved segment. The
gravitational and thermal differences between ridge
segments and the high amount of melts connected to
mantle upwelling may potentially be the driving
mechanism for the migration of an earlier stable
fracture zone setting.
[40] The orientation of the oblique features in the
bathymetry provides information about propaga-
tion rates. The TAMMAR segment is lengthening
to the south and to the north. The segment center is
migrating southward (Figure 1b). This prominent
V‐shaped wake in the bathymetry is caused by the
ridge propagation into older lithosphere with an
offset to the doomed ridge. The impact of the
northern lengthening into a zero‐offset disconti-
nuity setting is less pronounced in the bathymetry.
However, the northern termination of the ridge axis
parallel abyssal hills supports this interpretation.
The propagation rates are 16 mm/y in the south and
7 mm/y at the northern segment end (compare to
Figure 1). The structures suggest a much slower
propagation rate toward the north. This is still broadly
consistent with the concept of mantle upwelling and
focused melt supply as the main mechanism for ridge
propagation, and would also explain reversely ori-
ented structures like the V‐shaped structure between
the TAMMAR segment and the Kane fracture zone at
23°N. The propagation rate seems to be controlled by
the amount of magma that reaches the segment ends.
Our traveltime tomographic results (Figure 3) show a
1.5 km thicker crust at the southern segment end
compared to the northern segment end. The propa-
gation rate is 1.5 times faster compared to the north.
The axial valley is wider in the north constraining that
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here spreading is less well compensated bymagmatic
diking. Assuming focusedmelt supply in the segment
center, a large portion is transported laterally at crustal
levels, possibly through dikes toward south and a
smaller part toward the north. Preferential along‐axis
dike propagation may be seen as a potential driving
mechanism for ridge propagation. When the magma
budget is reduced, propagation stops. This attends the
observed propagation rate dependence on the spread-
ing rate of a ridge segment, with a higher propagation
ratewhere the spreading rate is higher [PhippsMorgan
and Sandwell, 1994]. To the north a second large
negativemantle Bouguer anomaly [Gente et al., 1995]
occurs (indicated in Figure 6) and suggests crustal
thickening and hence mantle upwelling. This segment
was propagating toward the north and south leaving
clear oblique structures in the bathymetry at its
northern segment end. The OH‐1 segment at 35°N
[Hooft et al., 2000] represents another example of a
propagating segment that was studied with seismic
refraction and wide‐angle reflection data. A negative
mantle Bouguer anomaly coincides in shape with the
trails left by the ridge propagation. Propagation started
roughly 5 million years ago. At that time enhanced
melt supply to the crustal region was observed at the
segment center and is expressed in a seamount chain
[Rabain et al., 2001]. Both segments, TAMMAR and
OH‐1, show an asymmetry in crustal thickness at the
segment ends with thicker crust at the propagating
ridge tip. This emphasizes that propagation might
be related to the amount of redistributed magma from
a central injection point. The locus of melt supply for
the TAMMAR segment has migrated southward
(Figure 1b), perhaps causing the destruction of the
apparently stable transform fault.
[41] Our data show no evidence for a continuous
along axis shallow magma reservoir that feeds the
dikes, although a discontinuous thin layer might be
below the resolution. This might suggest that the
dikes were fed from a lower or subcrustal reservoir
near the center of the segment. The propagating
ridge is seen to be virtually aseismic (at the short
time scale of observation). However, small clusters
of events were observed at the southern ridge tip
using the seismic network deployed within the
project [Kahle, 2007]. These events are of magni-
tudes smaller than ML 2.5, and may be associated
with diking. Buck et al. [2006] showed that the
length of dikes should depend on the thickness of
the lithosphere and the width of the dike. Other
studies observed that dikes can reach lengths of
several tens of kilometers. Dikes fed from shallow
reservoirs will solidify over the time periods of
propagation [Fialko and Rubin, 1998], however,
dikes rising from greater depths and higher tem-
peratures may cool over much longer periods,
effectively maintaining an open conduit at depth
[Buck et al., 2006]. A higher value of magma pres-
sure is needed to start dike propagation. Dikes
penetrate in the direction of minimum tectonic stress
adjacent to the magma chamber [Buck et al., 2006].
This might have started roughly 5 million years ago,
with a change from tectonically dominated asym-
metric spreading to magmatically dominated spread-
ing in this area. The fossil core complex on thewestern
ridge flank north to the ancient transform (Figure 1)
might be a witness of this transition its formation
stopping at the onset of segment propagation. After
its initiation, the magma budget appears to have
remained constant. This is consistent with constant
ridge propagation over millions of years after a rapid
onset, occurring via diking that occurs in discrete
periods. Similar to Afar [Ebinger et al., 2008], the
southern tip is marked by isolated volcanoes and
many scarps exist at both walls of the valley [Gente
et al., 1996] indicating strong tectonism at the
southern ridge tip. The size of the upwelling may
control the evolution of ridge segments, and thus
ultimately the propagation length.
6.4. Mechanisms Triggering Propagation
[42] In the introduction several mechanisms were
briefly reviewed that may explain and trigger the
evolution of PRs. Brozena and White [1990] sug-
gested that the existence of PRs along the MAR is
due to mantle flow away from hot sports. However,
south of 26.5°N they point randomly to the South
and to the North. Additionally, our seismic data
support the interpretation of focused vertical melt
delivery at the ridge axis. Thus, this model does
not seem applicable to our study area. Kleinrock
and Tucholke [1997] showed that shallow gravity
stresses, caused by gravitational sliding down the
along‐ridge axis topographic gradient [Phipps
Morgan and Parmentier, 1985; Phipps Morgan
and Sandwell, 1994], cannot be related to many
propagators. However, they found that initiation of
fast propagators might be due to changes in the tec-
tonic extension of seafloor spreading. We interpret
our data in terms of propagation driven by enhanced
melt supply. Initiation of propagation connected to
enhanced melt supply was also favored at the OH‐1
segment [Hooft et al., 2000; Rabain et al., 2001].
[43] We do not observe major changes at the
transform fault at 21°40′ that may indicate reorga-
nization of the plates roughly 4.5 ma ago, similar
to the observations at the Pacific‐Antarctic Ridge
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(PAR) [Wilson et al., 1984; Briais et al., 2002].
However, as part of this study we systematically
reviewed propagating segments along the MAR.
We notice that intersections or ends of the inner
and outer pseudofaults are close to bends in the FZs
that reflect changes in the spreading direction
(examples: MAR at 35°N, 25.75°N, MAR at 20°N,
MAR 0°S, Chile Ridge at 44°S). These observa-
tions may indicate that propagators might be initi-
ated by small rotation of the spreading direction.
However, we could not observe propagators that
initiated at the same time. Therefore, although
plates behave in a rigid way at large scale, locally,
they may behave in a less rigid way and respond to
changes differently. Continuous propagation after a
rapid initiation suggests that a combination of two
distinct processes, triggering and runaway, shape
propagation. For example, first the propagation is
triggered by a small change in plate motion. After-
ward, magmatic diking linked to segment‐scale
variations in focused mantle upwelling, mantle
upwelling leads to a continuous phase of propaga-
tion until the propagator dies or, more commonly,
runs into a ridge offset large enough to stop propa-
gation. Mantle temperature and spreading rate var-
iations are fundamental variables that determine the
physical behavior of the upwelling and melting
mantle as well as the extent of mantle melting and
crustal production [Niu et al., 2001].
[44] Smaller transform faults and nonrigid dis-
continuities are not necessarily barriers for a propa-
gator as can be seen in our study area and several
other places along spreading centers (e.g., MAR at
20°S, MAR at 45°S). A rate limiter appears to be the
magmatic budgetwithin the propagating segment that
could also limit the length to which a propagator can
extend. A new transform fault will form when prop-
agation stops, linking the newly formed segment end
with the end of the doomed rift [Hey et al., 1988].
7. Conclusions
[45] The TAMMAR segment hosts a rapidly prop-
agating ridge tip. Seismic data obtained along the
ridge axis yielded strong lateral variations in crustal
thickness of up to 4 km. Crust is with 8 km thickest
in the segment center where mantle upwelling is
believed to occur and thins approaching the segment
ends. However, the southern ridge tip has with a
5.5 km thick crust a ∼1.5 km thicker crustal layer
than the northern segment end.
[46] The crustal structure emphasizes the role of
mantle upwelling on shaping along‐axis crustal
structure, with focused melt supply in the segment
center and preferential transport of melts at crustal
levels toward the south in the direction of preferred
ridge tip propagation. The thick crust in the segment
center suggests that much of the enhanced local
melt supply is consumed locally for crustal formation.
This fact is illustrated by the observation that fluid
basaltic melts forming the upper crust are redis-
tributed more effectively along axis by lateral dike
growth than the lower crust build up of gabbroic rocks
that tend to crystallize and accrete nearer to the locus
of mantle upwelling. Thus, crustal thickness varia-
tions are governed by variations in layer 3 thickness.
The fastest lower crustal velocities are reached with
7.2 km/s in the segment center above the seismic
Moho. This high‐velocity zone is interpreted as an
interlayered zone of gabbroic and ultramafic rocks.
[47] The observations suggest that the initiation
of ridge propagation at the TAMMAR segment is
primary controlled by the magma supply. Thus,
enhanced mantle upwelling triggered the onset of
ridge propagation. The TAMMAR segment did
lengthen toward both the north and south. However,
crustal thickness and bathymetric features indicate a
much higher propagation rate toward the south. The
propagation rate seems to be controlled by the amount
of magma that reaches the segment ends. Further,
the locus of melt supply for this segment center has
also migrated southward.
[48] The appearance of focused along‐axis melt
supply appears to be coeval with the onset of propa-
gation 4.5 million years ago, and might be responsi-
ble for the migration through an earlier stable fracture
zone setting. Nonstable discontinuities were not
barriers for these propagating segments. The size of
the upwelling may control the evolution of ridge
segments, and thus ultimately the propagation length.
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